Impacts are central to the origin and evolution of planets of the Solar System. The shapes of craters, which can reach up to 1,000 km in diameter on the Moon, provide critical information on the large-scale dynamics of the impact and related shock. Minerals formed at high pressure and temperature found in shocked terrestrial rocks and meteorites give additional and complementary insights on the shock process at a smaller scale, typically from a few micrometers to a few millimeters. Local flaws in rocks, such as voids and mineral interfaces, are the preferential sites for the formation of high-pressure melts and minerals. Calculations based on the physics of shocks and the thermodynamics and kinetics of mineral transformations provide orders of magnitude for the duration, transient pressure, and prevailing temperature conditions of shock events. Case studies on shocked terrestrial and extraterrestrial materials illustrate the links between these parameters and impact duration. Many of the high-pressure mineral phases of olivine, pyroxenes, feldspars, silica, phosphates, titanium oxide, and carbon have been discovered in these heavily shocked rocks and provide unique opportunities to study the high-pressure minerals that exist in the deep Earth. 
INTRODUCTION
The physics of high-velocity impacts and shocks is of fundamental interest to Earth and planetary sciences as well as to material science, industry, and defense. Shocks are involved in the birth, evolution, and destruction of planets in all planetary systems, including the Solar System. Impacts continue to shape the faces of Earth and other planetary bodies. The study of these collisions and the rocks and meteorites they produce has driven major discoveries in impact dynamics and high-pressure physics, chemistry, and mineralogy.
Since the birth of the Solar System, some 4.57 billion years ago (Gya), collisions and shocks have been essential actors in the formation and evolution of the planets (Montmerle et al. 2006 . At the beginning, the settling of dust onto the equatorial disk of the solar nebula and the formation of kilometer-sized planetesimals took place by a collision/accretion process. This initial stage was followed by the runaway growth of planetesimals to form Mars-sized planetary embryos, and finally by collisions of planetary embryos to form the planets through oligarchic growth. These gigantic collisions released sufficient energy to cause large-scale melting, the formation of magmatic oceans several hundreds of kilometers deep, and magmatic differentiation of the terrestrial planets (Elkins-Tanton 2012) . Geochemical evidence and numerical modeling have demonstrated that the Moon resulted from the collision between the proto-Earth and a Mars-sized planetesimal some 30-50 Ma after the crystallization of the first minerals from the solar nebula (Canup & Asphaug 2001 , Jacobsen 2005 . Some 60 Ma later, asteroids and/or comets, rich in volatile compounds and organic matter and originating mostly from the outermost parts of the Solar System, might have hit Earth and contributed to the formation of the terrestrial ocean (Albarede 2009 ).
The history of large collision events is recorded in craters on the surfaces of planets (Figure 1 ) (Strom et al. 2005) . The impact record is better preserved on planets and satellites with limited internal activity and no atmosphere or ocean, such as Mercury, the Moon, and the various asteroids and comets. The number of collisions in our Solar System was initially high, and most of the gigantic ones took place in the first hundred million years after its birth. Evidence suggests that after a rather quiet period, a heavy bombardment took place some 3.9 Gya as a result of a large flux of asteroids and comets that came from the outermost parts of the Solar System and crossed the orbits of the major planets, especially Earth (Bottke et al. 2012 ). This late bombardment may have affected both the internal and external activity of the young Earth and Mars. Given this history and using the calibrated cratering curve of the Moon, impact crater densities and crater size distribution can be used to provide the ages of planetary surfaces and/or the timing of changes in colliding asteroid fluxes (Bottke et al. 2012 , Hartmann 2002 . The age distribution of craters on the Moon can thus be used as a proxy for estimating the impact history of geologically active bodies such as Earth.
Gigantic impacts affect internal planetary dynamics through large-scale melting. During a shock on Earth's surface, large volumes of melt are directly produced at the impact point. Moreover, the deformation at depth associated with the crater can induce partial melting in Earth's mantle. Some authors have proposed that some of the large igneous provinces (LIPs) found on Earth (continental flood basalt provinces, volcanic rifted margins, and giant oceanic plateaus) might have been triggered by large impacts ( Jones et al. 2002) . The time correlation between impacts and LIPs remains troubling and controversial, especially when massive species extinctions are involved. The Tunguska event in Siberia at the beginning of the twentieth century reminded us of the actual risk of Earth colliding with comets or asteroids (Chyba et al. 1993) .
Asteroid impacts occurring after the beginning of life on Earth (4.4-4 Gya) also had an important influence on the evolution of life (Reimold & Jourdan 2012) . For instance, asteroid impacts probably triggered large global biological species extinctions several times throughout the history to late metamorphic overprinting. Shocked meteorites, depending on their origin, also provide an important source of information for understanding the dynamics of impacts at different stages of the evolution of the Solar System.
In some cases, evidence of former collisions can be found in sedimentary records or ice cores in the form of spherule layers ( Johnson & Melosh 2012) . In fact, during the initial stage of a shock, when an asteroid first comes into contact with Earth's surface, jets of molten crustal materials can occur that account for most of the tektites and glassy spherules observed in sedimentary rocks deposited at the time of the impact (Bottke et al. 2012 , Housen & Holsapple 2011 .
A second way to quantify shocks consists in the study of the deformations and transformations induced in rocks and minerals by the transient pressure and temperature changes. This socalled shock metamorphism induces various modifications in the impactor and the impacted rocks: (a) fracturing, (b) plastic deformation, (c) amorphization of solids, (d ) polymorphic phase transitions, and (e) melting and vaporization.
Recent impacts on the Moon, Mars, and asteroids such as Vesta are responsible for the ejection into space of rock fragments, which, after falling on Earth, provide us with valuable information to study the surfaces and internal processes of these planetary bodies , Marchi et al. 2012 , Treiman et al. 2000 , Warren et al. 2005 . These heavily shocked meteorites and chondrites (primitive meteorites that are 4.56 Ga old) represent a unique opportunity for studying deformations and phase transitions that resulted from recent impact events in the Solar System.
In this article, we focus on the mineralogical transformations associated with a shock event on planetary materials. We first give a short overview of the physics of shocks using basic equations; of the orders of magnitude of the pressure and temperature changes; and of how those parameters relate to the impact's macroscopic parameters such as the velocity and size of the impactor. We then use these results to explore the related transformations that occur in some of the major rock-forming minerals. The study of impact metamorphism on rocks and minerals also provides valuable information on the phase transformations that can occur during subduction of terrestrial rocks and on the mineralogy of the deep Earth ).
THE TIMESCALE OF NATURAL SHOCKS
Although the record of a collision could last for eons, collisions are violent and short phenomena. A few typical orders of magnitude can be put forward. The relative velocity of asteroids in the asteroid belt is on the order of 5 km s −1 . The median impact velocity on Earth is approximately 18 km s −1 . On Mars, this speed is on the order of 10 km s −1 . Depending on the size of the impacting asteroid, the shock duration can range from a few tens of milliseconds to a few seconds. Pressure can exceed 100 GPa and temperature can reach 10,000 K, enough to induce melting and vaporization of rocks. The energy released in an impact caused by a 300-m-diameter impactor is on the order of 4 × 10 18 J. Many review papers or books can be consulted for a detailed overview of such an event (see, e.g., Collins et al. 2012 , Melosh 1989 . Figure 2 shows the three stages used for describing the formation and evolution of a crater. The first stage, when the asteroid hits the surface and penetrates into the planet crust, is usually referred as the contact and compression phase. During this phase, the kinetic energy is transferred through the contact zone to both the target and impactor, inducing in both of them a strong compression that leads to the creation, propagation, and spherical spreading of shock waves.
Owing to the dramatic induced pressure and temperature changes, the rocks are compressed and can even melt or vaporize. Molten material often squirts out and is projected far away from the impact point. The duration, τ , of the shock is roughly the time required for the projectile to travel within the target a distance equal to its diameter d. For a given speed v i , this time is
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The next stage, excavation, corresponds to the ejection of material from the expanding cavity in the form of vapor, melt and solid blocks, and dust. The ejected material falls back, forming an ejecta blanket in and around the crater. This stage can last from a few seconds to a few minutes. The final stage is called modification and results in the collapse of the crater due to gravity. The size of the transient crater can be evaluated through several scaling laws (Melosh 1989) . They relate the crater diameter, D c , to the target density (ρ t ), the impactor density (ρ i ), the impactor diameter (d ), the impactor kinetic energy (W t ), the angle of the collision, and the target surface gravity ( g). For the special case of a vertical impact, a classical scaling law is provided by the following equation:
Other scaling laws that take into account the angle of collision can be found in the literature (Collins et al. 2005) . Using Equations (1) and (2), one can compute the expected crater size as a function of the impactor speed for various shock durations, or vice versa (Table 1) . By comparison, laboratory shock recovery experiments have a typical effective duration of approximately a microsecond. This short timescale results from the typical speed of the impactor (10 km s −1 ) and the characteristic size of the projectile (1 cm). The several orders of magnitude difference in the shock duration can lead to major differences between experimentally produced mineral changes and those observed in naturally shocked rocks. These differences remain a controversial issue.
THE PRESSURE SCALE OF SHOCKS
The reader is invited to consult excellent published introductory articles and books on the physics of shocks (Langenhorst & Hornemann 2005 , Melosh 1989 . Impacts produce shocks when the velocity of deformation exceeds the velocity of sound in matter. The shock wave propagates and compresses the materials, generating irreversible effects such as heating and plastic deformation. Figure 3a describes a simple situation in which one can define the different shock parameters. The impact of the projectile onto the target (time t 0 ) creates a shock wave, setting up a shock front that travels at velocity U s into both target (U s = U t ) and projectile (U s = U p ). The impacted surface starts to move with a velocity u, called the particle velocity, in the projectile (u = u p ) and the target (u = u t ). At a later time t, the shock wave has propagated in the target through a distance U t (t -t 0 ) and the impacted surface through a less important distance u p (t -t 0 ). Once the shock compression event ends, rarefaction waves from surrounding regions of low pressure propagate into the compressed region and lower its pressure to ambient conditions. Figure 3 (a) Propagation of shock waves in the impactor/target system. Subscript t refers to the target and subscript p to the impactor (projectile). U t and U p are the respective shock front velocities in the target and projectile; u t and u p are the respective particle velocities. The density is ρ, and the pressure is P. Adapted from Melosh (1989) . (b) Qualitative variations of pressure and temperature during a shock event. The plateau during which pressure is constant is usually referred to as the continuum pressure state of the shock. The time duration of this plateau can be estimated with Equation (1). Complete cooling to ambient conditions takes a longer time.
This decompression is generally adiabatic and, to a good approximation, isentropic. Figure 3b shows the qualitative way pressure and temperature vary during a shock event. U s and u are related, through the Rankine-Hugoniot equations, to the pressure (P), density (ρ), and internal energy (E) before and after the passage of the shock front (Langenhorst & Hornemann 2005) . From these equations, the following relationships can be derived between the particle and shock velocities, density, and pressure:
In addition to the Hugoniot formalism of shocks, numerous laboratory experiments have shown that, for a given material, there exists a linear relationship between U s and u : 2,500 5,000 7, 500 10,000
Figure 4
Relationship between impact velocity and continuum shock pressure for a basaltic impactor/target system.
where C 0 and S are constants proper to the material. C 0 corresponds to the ambient pressure sound velocity, and S is directly related to the Grüneisen parameter. Equation (3) can thus be rewritten:
The curve represented by this equation is known as the Hugoniot. The Hugoniot curves are graphical representations of all the final states that can be attained in a material by a given shock wave. Our purpose is to use Equation (5) to put constraints on the pressures that can be reached during natural shocks with typical impact velocities (v i ) up to 30 km s −1 . Finally, the impact and particle velocities are related through (Melosh 1989) 
Equation (5) can thus be rewritten:
Figure 4 illustrates the relationship between the impact velocity and the pressure generated during a shock between two basaltic bodies (basalt is a typical planetary material). For an impact velocity of 5 km s −1 , the pressure generated is approximately 50 GPa. Pressures in excess of 100 GPa (the static pressure at 2,300 km inside Earth) are reached for impact velocities greater than 7.5 km s −1 . Notice that the maximum pressure attained during a shock relies only on the impact velocity and material properties.
THE TEMPERATURE SCALE OF SHOCKS
During a shock, an important part of the irreversible deformation of the material is converted into heat. This adiabatic increase of the material temperature at the highest pressure can be estimated by integrating the following equation (Benzerara et al. 2002 , Langenhorst & Hornemann 2005 :
in which P is the pressure and V the specific volume (the index 0 denotes an initial value); T is the temperature along the Hugoniot; γ is the Grüneisen parameter (taken as a constant value); and C V is the molar heat capacity at constant volume. This equation is derived from the Rankine-Hugoniot Relation between continuum shock pressure and shock temperature for different rocks. The Hugoniot curves for different rocks are shown. Murchison is a chondrite meteorite. The shock temperatures can reach thousands of Kelvins for shocks above 100 GPa. The melting curve envelope contains most of the known or extrapolated data for granites, basalts, peridotites, and meteorites [see, for instance, Fiquet et al. (2010)] . Granites melt at a much lower continuum shock pressure than gabbros. The difference between basalts and gabbros is due to porosity and mineralogical differences (glass versus crystals).
equation combined with the classical thermodynamic relation that relates internal energy variations to changes in entropy and volume. The postshock temperature is obtained by adiabatic decompression to 1 bar using Figure 5 shows the calculated peak temperature as a function of pressure for different rocks, assuming an initial temperature of 300 K. (P,T ) curves such as the one presented in Figure 5 can be used to predict mineral transformations and rock melting for typical shock conditions and materials. Granites and chondrite meteorites melt at much lower shock pressures than do basalts, gabbros, and peridotites.
To determine shock temperatures for real polymineralic rocks, one must also account for the effects of porosity, grain boundaries, and compositional heterogeneity on deformation. Typical rock porosity ranges from a few percent for compact rocks such as basalts to 25% for sandstones. Moreover, compressional shock waves do not propagate at the same speed in different minerals. In a natural shock event, all these structural heterogeneities will produce shock pressure spikes at the shock front that can vary in magnitude from grain to grain. Similarly, large transient local temperature differences can be produced. Assuming a mineral grain size of approximately a millimeter, pressure heterogeneities will equilibrate in less than a fraction of microsecond (for a typical shock velocity of 10 km s −1 ), whereas temperature heterogeneities require fractions of seconds to equilibrate (for the typical thermal diffusivity in minerals, 10 −6 m 2 s −1 ).
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A major effect of porosity during a shock is that the compaction and closure of pore space enhance the heat generated by shock wave compression. A porous material thus melts at lower peak shock pressures than a nonporous material. Additionally, the compaction of pores consumes a significant amount of the shock energy and leads to a pronounced shock wave decay. As described below, shocked rocks encounter local melting conditions at a millimeter scale in the form of shock melt pockets (MPs) (Wunnemann et al. 2008 ).
NUMERICAL MODELING OF IMPACTS
Prior to recent advances in numerical modeling capacity, it was difficult to understand the spatial distribution and degree of metamorphic transformation in an impact crater. This limitation was due primarily to the complex history of block ejections (the mixing of melt and solid blocks from different parts of the crater). Models now provide the necessary guidelines to understand the dynamic and geometrical aspects of impact metamorphism (Collins et al. 2012; Ivanov 2005; Jutzi et al. 2008 Jutzi et al. , 2009 . They permit the exploration of the pressure, temperature, and time (P,T,t) history undergone by rocks, as well as the prediction of the amount of deformation and the distance over which ejecta are displaced from their initial location. An example of such a simulation is shown in Figure 6 . The isobars (corresponding to the peak pressures) and the isotherms (related to the compression's work transformed into heat) are more or less spherically oriented with respect to the center of the impact. The maximum pressure and temperature conditions decrease radially and will last the time of the compression phase.
The spatial variation of the (P,T ) conditions poses questions. For a given impact, ejected rocks can come from regions very near the crater center (highest continuum pressure) but also from regions relatively far from the center (lowest continuum pressure). If the initial sample location is poorly documented, it becomes impossible to estimate the highest pressure generated during the shock. The problem is even worse for meteorites, for which the crater on the parent body is unknown. Estimating the impact velocity from the pressure-induced transformations of rocks and minerals is thus a difficult exercise. Notice that the continuum shock pressure duration is the same for all the samples.
THE MINERALOGICAL RECORD OF SHOCKS IN ROCKS: WHAT DO WE EXPECT? WHAT DO MODELS PREDICT?
Owing to pressure and temperature variations, rocks subjected to a shock will undergo transformations that are mechanical (i.e., brecciation, fracturing), chemical, and mineralogical (i.e., amorphization, melting, vaporization, high-pressure phase transformations). These transformations take place at much higher rates than in usual metamorphism. We do not review all these changes in detail but rather take a few examples to emphasize the major processes and the remaining unsolved issues. The reader is invited to consult the numerous existing review papers (El Goresy et al. 2013; Gillet et al. 2007; Langenhorst & Deutsch 2012; Stöffler et al. 1988 Stöffler et al. , 1991 .
Numerical simulations of impact are fundamental for understanding the mineralogical record in shocked rocks. Let us use the SiO 2 chemical system (Figure 7 ) in conjunction with the result of a simulation (Wunnemann et al. 2008) . The SiO 2 phase diagram is complex, especially because of the solid phases that are stable at different pressure and temperature conditions. It is well suited for looking at impact sites in which SiO 2 -rich rocks are dominant.
After they were synthesized in the laboratory (Coes 1953 , Stishov 1963 , coesite and stishovite were the first high-pressure polymorphs of minerals found in impact rocks (Chao et al. 1962 , Results of a numerical simulation that show, with greater detail than in Figure 3 , the propagation of the shock waves in both the impactor and target. Cross sections are shown at different times (t) after the contact (Collins et al. 2012 , Wunnemann et al. 2008 ) when a 1-km-diameter dunite impactor hits a granite target at 18 km s −1 . (a) A region of high pressure develops along the interface just at the beginning of the contact. Both target and impactor are compressed and deform. The rear of the impactor is unaffected by events that occur at the contact region. (b, c) The shock wave in the impactor reaches its rear surface and is reflected as a release wave that is responsible for impactor decompression to lower pressures. (d ) The shock wave in the target propagates spherically and is followed by the release wave. (e) Behind the shock wave, the plume of vapor and ejecta begins to expand, and the excavation phase starts. Courtesy of G.S. Collins. (a) Peak shock pressure and temperature distribution in a quartzite target at the end of the compression phase. The impact velocity was 12 km s −1 and the projectile diameter was 2 km. For such conditions, the compression phase lasts 1/6 s. The isobars and isotherms are more or less spherically disposed with respect to the center of the impact. These maximum pressure and temperature conditions decrease radially. The ejected material comes from zones that underwent different (P,T ) conditions. Modified from Wunnemann et al. (2008) . (b) Phase diagram of silica, showing the Hugoniot curves of nonporous (blue) and porous (red ) sandstone. The solid black curve corresponds to the melting curve of SiO 2 . The light blue lines correspond to the polymorphs' transition curves. The low-pressure SiO 2 phases are quartz, tridymite, and cristobalite. The higher-pressure polymorphs are seifertite (α-PbO 2 structure) and a CaCl 2 -type structure. Numbers on the quartzite Hugoniot correspond to those in panel a. Dashed green curves correspond to hypothetical decompression (P,T ) paths. Modified from Langenhorst & Deutsch (2012) . Kieffer et al. 1976) . They have so far been described in more than ten impact sites, including the Ries crater, the Barringer crater, and the Vredefort impact structure (French & Koeberl 2010 , Stahle et al. 2008 . Other phases of silica are often found on such sites, including low-pressure crystalline phases such as cristobalite and tridymite as well as various amorphous phases that result from solid-state amorphization of crystals (diaplectic glass) or quenching of a former melt at high or low pressure. Finally, specific deformation features called planar dense features (PDFs) are often observed in shocked quartz crystals. These PDFs appear in laboratory shock experiments between 10 and 35 GPa. They are also often encountered in shocked feldspars. These damaged minerals, together with the quenched high-pressure minerals, are often used as shock indicators. However, their use in understanding impact processes requires knowledge of their exact nature: how, when, and where they can form.
In Figure 7 , we have positioned the pressure (P) and temperature (T ) stability fields of some of the SiO 2 phases together with a simulation of an impact on quartzite. The Hugoniot curves of nonporous and porous material are shown (Wunnemann et al. 2008) , indicating the final P and T conditions reached by rocks located at different distances from the impact point as well as those attained by the ejected blocks. Some indicative decompression paths are also shown. The presence of one or the other form of SiO 2 in a rock sampled in the field will depend on three main parameters: (a) the peak pressure (which, due to the radial decrease of pressure, depends on the original location in the crater); (b) the decompression path and the kinetics of the different phase changes; and (c) its Al 2 O 3 content (Lakshtanov et al. 2007 ). For instance, point 2 in Figure 7 is in the stability field of stishovite; this polymorph can form if the time the shocked rocks remain in its stability field is long enough and in agreement with its nucleation and growth rates, which are commensurate with its grain size (Kubo et al. 2010) . Moreover, this high-pressure polymorph will be preserved only if the decompression path leads to efficient cooling, preventing the back-transformation of stishovite into a low-pressure polymorph or a melt. Coesite and stishovite can also crystallize from a melt formed at high pressure, because the whole rock has been sufficiently heated and the release paths have passed through the stability fields of the high-pressure polymorphs (see point 1 in Figure 7 ). This qualitative example shows the complexity of recovering the impact characteristics from the (P,T,t) history recorded in rocks and minerals.
WHY, HOW, AND WHERE DO HIGH-PRESSURE MINERALS FORM IN SHOCKED ROCKS?
We now discuss how minerals and their transformations can record part of the history of a shock. We focus on the role of preexisting defects within the rocks, which can lead to a significant localized temperature increase during the passage of the shock wave, creating localized zones where the (P,T,t) history of a rock sample is better recorded.
Shock pressure is a crucial parameter because it is directly related to the relative impact velocity between the target and the projectile (Figure 4) . Until very recently, pressure was estimated by a relative scale based on the presence of vitrified minerals and their refractive indices, the density of PDFs and other deformation features, and the presence of shear melt veins (SMVs) or MPs (Stöffler et al. 1988 (Stöffler et al. , 1991 Stöffler & Langenhorst 1994 ). This scale was calibrated through laboratory dynamic recovery experiments in which the shock duration is on the order of a microsecond, far too short to permit the nucleation of high-pressure minerals; however, it is no longer considered valid in many cases because it leads to much higher pressures than expected (El Goresy et al. 2013 ).
In the past decade, the occurrences of several high-pressure minerals formed in or near SMVs and MPs shed new light on the (P,T,t) history of shocked rocks ). Pressure, temperature, and time are the crucial parameters that control the stability of minerals. Let us consider a simple example: a monomineralic rock made of crystals of Mg 2 SiO 4 -olivine with zero porosity and perfect grain boundaries. All the shock states that this rock can attain are described by the Hugoniot curve drawn in a (P,T ) diagram (Figure 8) .
Also shown in this diagram are the stability fields of the different forms of Mg 2 SiO 4 -olivine at low pressure, wadsleyite, ringwoodite, and the assemblage MgSiO 3 -perovskite + MgO-periclase at high pressure-as well as the isochrones that give the time required to transform a 10-μm-sized crystal of olivine to ringwoodite. A rock sample shocked to a state A (Figure 8) will not undergo a phase transition, because the (P,T ) conditions remain in the stability field of olivine. For the shock state B, the transformation of olivine to ringwoodite is not achieved even if the rock is shocked in the stability field of this high-pressure phase. The temperature is not high enough to promote the diffusion of elements. To reach temperatures sufficient to induce the formation of high-pressure minerals during the typical natural shock durations (a few milliseconds to a few seconds), pressure on the Hugoniot must be close to 100 GPa (shock state C in Figure 8) .
From the phase diagram and the Hugoniot curve, it appears that the formation of a significant proportion of high-pressure minerals in the bulk of rocks can be achieved only at very high pressure. Such massive phase changes, like the massive formation of perovskite, have never been observed in dynamic experiments or in monomineralic or polymineralic rocks in nature. However, the formation of various high-pressure minerals has been documented within, or in the close vicinity of, specific shock features encountered in shocked terrestrial rocks and meteorites: the SMVs and MPs (Figure 9 ). This formation corresponds, for instance, to a case in which, for bulk shock 
Figure 8
Phase diagram of the Mg 2 SiO 4 polymorphs. The olivine Hugoniot curve is in green (Mosenfelder et al. 2007 ). The isochrones (gy = 109 years, my = 106 years, y = year, s = second, ms = millisecond) are calculated from experimental data and fit to a classical rate equation for interface-controlled crystal growth (Kerschhofer et al. 2000 , Mosenfelder et al. 2001 , Ohtani et al. 2004 . See the text for a discussion of points A, B, B , and C. Abbreviations: α, Mg 2 SiO 4 -olivine; β, Mg 2 SiO 4 -wadsleyite; γ, Mg 2 SiO 4 -ringwoodite; Pv, MgSiO 3 -perovskite; per, MgO-periclase. conditions of point B in Figure 8 , some localized zones undergo the (P,T ) conditions of point B .
The pressure is the same, but the local temperature is far higher than the bulk temperature.
SMVs and MPs are ubiquitous in shocked rocks and are related to frictional heating and porosity collapse induced by the passage of the shock waves. Local temperature differences play an essential role in the recording of pressure during a shock. For the lunar meteorite shown in Figure 9b , the magmatic texture acquired after eruption on the Moon, indicative of rapid cooling, is well preserved on both the outer walls of the SMV that crosscuts the sample. No changes are observed that could indicate the passage of a shock wave. Within the vein, which exhibits typical flow texture (Figure 9d) , blocks of minerals have been entrained and transformed into highpressure minerals. Pressure is the same within and outside the SMV, but the local temperature increase, greater than that induced by the whole-rock adiabatic heating, is high enough to melt the rock and form a melt vein in which the pressure is hydrostatic due to the liquid nature of the melt. With long enough peak shock pressure and sufficiently high temperature, the mineral fragments entrained in the melt vein can transform into phases that are stable at high pressure, constraining the continuum pressure of the shock. The rock fragments of different sizes in the vein were originally cold entrained. Consequently, every rock or mineral fragment in the vein had its own temperature gradient: hottest at the edges in contact with the melt in the vein and coldest at the interior. Temperature gradients between the rim and the center are larger in big fragments. The bulk of the rock retains the metastable low-pressure phases because of its relatively low temperature. The MP (Figure 9e) shows the crystallization from a melt of minerals that are stable only at high pressure. We now describe how such local temperature increases can happen.
In a polymineralic rock, interfaces between minerals with different shock impedances (i.e., sound velocities), grain boundaries, and initial porosity or cracks produce wave reverberation and attenuation that strongly affect the propagation of the shock wave. Thus, the pressure and temperature distribution in a shocked rock is heterogeneous, and the shock features are heterogeneously distributed in both space and time. Several simple situations are shown in Figure 10 . The shock front and particle velocities differ from one mineral to another and can thus lead to shear stresses at the mineral interfaces (Figure 10a) . These shear stresses, combined to a very high shearing velocity, can nucleate SMVs, leading to local temperature increases that can be numerically modeled or estimated through simple calculations. From the equation of frictional heating (Melosh 2005) , the temperature increase T is
which can also be written as
One can compute either the temperature increase for a given shear stress and displacement rate or the minimal displacement that leads through frictional sliding to a given temperature (a) A shock wave corresponding to a pressure of 30 GPa propagates through a feldspar mineral. It encounters an interface beyond which the shock front has to propagate at two different velocities, creating important shear stresses that could account for the formation of shear melt veins. (b) Propagation geometry in which a thin plate of feldspar is sandwiched between two olivine grains. Because of the velocity difference, the shock front is refracted, creating a zone of higher pressures in the central part of the feldspar (dark gray zone) because the front has to travel at the velocity for olivine. This high-pressure central region will return in a short time to 30 GPa. Temperature will also locally increase in this zone to reach the order of 2,500 K, sufficient to induce local melting . (c) See text for comments. Adapted from Biren & Spray (2011) and .
increase. τ is the shear stress (on the order of 10 8 Pa); ρ the material density (on the order of 2,800 kg m −3 ); C P the specific heat at constant pressure (on the order of 1,000 J kg −1 ); K the thermal conductivity (on the order of 2.5 W m −1 K −1 ); κ the thermal diffusivity (on the order of 10 −6 m 2 s −1 );δ the displacement rate; and δ m the displacement. For instance, using Equation (10), the melting temperature of olivine at 30 GPa, T = 2,500 K, is attained in 0.1 ms for a displacement rate of 1 m s −1 . These conservative values show that the initiation of melting by shearing is a very efficient process.
The formation mechanism of SMVs is likely size dependent. SMVs can range in width from a few micrometers to centimeters and even meters in the case of large pseudotachylites (Melosh 2005 , Spray 2010 ). Small SMVs are relatively well understood. The order of magnitude of the width of the molten zone can be estimated by the length, w, over which the generated thermal anomaly is spread:
With typical values of t and κ one gets w = 100 μm. However, the formation of a molten layer lubricates the sliding zone and leads to reduced friction, which seems inconsistent with large SMVs. Melosh (2005) has proposed that melt can be extruded from the plane of sliding into adjacent fissures and sliding zones through a hydraulic fracturing mechanism. This vein feeding mechanism can account for the formation of thick veins. It can also prevent a rapid cooling of the veins and thus permit a longer record of the duration of the continuum pressure stage and of the pressure changes during the decompression.
The presence of different minerals can also lead to local pressure excursions with respect to the pressure of the whole-rock Hugoniot . The latter represents an average value of the shock velocity of individual minerals. However, at the scale of the mineral sizes, the shock front has an irregular shape due to shock velocity differences among minerals. A simple case is outlined in Figure 10b . The shock front is refracted, due to a difference in wave velocities, and produces localized high pressures in the central part of the mineral, which has the lowest acoustic velocity. The typical size of the high-pressure zone is a few micrometers, and the pressure spike lasts only for tens of nanoseconds. A last case is shown in Figure 10c . The 30 GPa front in the high-impedance mineral passes through a layer of low-impedance mineral before traveling again in a high-impedance mineral. The initial pressure attained when the shock wave enters the lowimpedance mineral is less than 30 GPa because of a lower velocity. The pressure will equilibrate to 30 GPa through a sequence of successive reflections on the grain boundaries. The typical timescale for reaching pressure equilibrium, 1 μs, is obtained by dividing the typical grain size (≈10 −3 m) by the typical shock wave velocity (≈10 3 m s −1 ). These localized pressure spikes can also lead to localized temperature increase. The temperature heterogeneities will vanish with a typical timescale of a few tens to hundreds of milliseconds, at variance with the much more abrupt pressure decrease.
Pores, cracks, and voids can also lead to important localized temperature increases during the passage of a shock wave. Porosity significantly increases the amount of heat transmitted by the shock wave to the target material by closure of the empty volume. This is first observed macroscopically when comparing porous and nonporous materials shocked under similar conditions. The porous material heats more efficiently and melts at much lower shock pressures (see, for instance, the case of SiO 2 in Figure 7b ). The MPs are among the clearest microscopic features of the local temperature increases. Numerous studies have ascribed their formation to a local partitioning of energy near the void pores , Heider & Kenkmann 2003 , Mader 1965 . Starting from the assumption that the initial shock energy is partitioned into temperature increase and melting enthalpy, one can write
where P is the continuum shock pressure, V the specific volume of the compacted material, V 0 the specific volume of the porous material, H m the enthalpy of melting, F the fraction of molten material, T the temperature increase, and C P the specific heat. Introducing porosity ψ in the equation
and assuming F = 1 because the MPs are almost molten, one obtains
Using typical values (H m = 350 kJ kg −1 ; C P = 1,000 J kg −1 ; V = 3.3 × 10 −4 m 3 ), one finds that a temperature of 2,500 K can be reached for a shock pressure of 30 GPa and a local porosity of 0.4.
HIGH-PRESSURE MINERALOGY OF SHOCKED TERRESTRIAL ROCKS AND METEORITES: EXAMPLES AND QUESTIONS
Natural high-pressure minerals in meteorites have been studied extensively for 40 years (Binns 1970) . Natural shock conditions have produced many of the phases that form at high pressure in the bulk mantle or subducting lithosphere at the (P,T ) conditions of the upper mantle, transition zone, or lower mantle. The transformations of (Mg,Fe) 2 SiO 4 -olivine into (Mg,Fe) 2 SiO 4 -wadsleyite and (Mg,Fe) 2 SiO 4 -ringwoodite are among the most extensively studied and were the first to be described in natural samples, namely in shocked meteorites (see Gillet et al. 2007 for a review). Rather than providing a comprehensive review of the mineralogy of shocked rocks, we focus on a few selected examples that illustrate several of the concepts previously discussed. Table 2 gives a summary of the high-pressure minerals that have been reported so far in terrestrial and extraterrestrial shocked rocks.
The Formation of the High-Pressure Polymorphs of (Mg,Fe) 2 SiO 4 and (Mg,Fe)SiO 3 and the Timescale of Shocks in Meteorites
The results from experimental petrology (phase diagrams and kinetics) can be applied to shocked rocks to decipher the time durations of the impact and the continuum pressure of the shock. We have seen that the duration of the peak pressure experienced by meteorites or terrestrial rocks can vary over at least three orders of magnitude (Table 1) . In shocked meteorites, glasses are found together with high-pressure minerals within MPs, indicating an efficient quenching while at high pressure or at the onset of postshock decompression. The melting textures observed in the SMVs are also similar in terms of crystal size and shape to those observed in high-pressure assemblages synthesized in high-pressure and high-temperature experiments.
Single minerals, or even polymineralic fragments, can be cold entrained into SMVs (Figure 9 ). Subjected to the transient high pressures from the passage of the shock wave, these fragments undergo metamorphic transformations. The most abundant meteorite-forming minerals-olivines, pyroxenes and feldspars-are often transformed into polymorphs or mineral assemblages only stable at high pressures ).
The (Mg,Fe) 2 SiO 4 polymorphs of olivine (Figure 8 ) are well suited to show how and where high-pressure minerals can form during the passage of a shock wave and the crucial role of local temperature increases caused by rock heterogeneities. They can either form by a solid-state transformation or result from the crystallization of a melt at high pressure. These transformations can be observed in the walls of SMVs, in olivine fragments entrained in SMVs, or as a result of fractional crystallization from monomineralic olivine melts (Miyahara et al. 2008) .
The SMV in Figure 11 has been observed in the Yamato 791384 L6 chondrite (Miyahara et al. 2010) . The SMV contains glass, (Mg,Fe)SiO 3 -majorite and (Mg,Fe)O-magnesiowüstite, and remnants of (Mg,Fe)SiO 3− perovskite, which indicate that the melt crystallized at a pressure of 24 GPa and a temperature of at least 2,500 K. These conditions fix the continuum shock pressure. The texture, grain size, and chemical composition of the constituents of this assemblage are very similar to those of their counterparts produced in static multianvil experiments, indicating that equilibrium was reached (Kerschhofer et al. 1996) .
The transformation into ringwoodite of olivine grains in contact with the SMV shows a specific arrangement and can be used to infer a minimum duration of the shock. Close to the SMV, ringwoodite is polycrystalline. At a few tens of micrometers away, it forms a set of oriented and polycrystalline zones; at 50 micrometers away, only very thin (10 nm) single lamellae showing well-defined crystallographic relationships with the host olivine are observed. This arrangement reflects the temperature dependence of the transformation kinetics (Figure 8) . Far from the SMV, the temperature increase due to heat diffusion is too low to induce the transformation, whereas close to the SMV, the temperature increase is great enough to produce an almost complete transformation. The chemical composition of ringwoodite is similar to that of olivine. The shock pressure is efficiently recorded in or near the SMV by the formed high-pressure minerals. Far from the SMV, the shock pressure cannot be inferred; only very crude estimates can be made through deformation features, which are poorly calibrated as a proxy for pressure. The whole rock experiences (P,T ) conditions on the Hugoniot curve (point B in Figure 8 ), but locally, the temperature increase associated with the SMV translates the (P,T ) conditions to point B , where the kinetics of the transformation is much more rapid. Very recently, Miyahara et al. (2011) observed in a Martian meteorite the breakdown of (Mg,Fe) 2 SiO 4 -olivine at the wall of an SMV into the assemblage (Mg,Fe)SiO 3 -perovskite + (Mg,Fe)Omagnesiowüstite.
From the kinetics of the olivine-ringwoodite transformation and the modeled temperature history of the vein (Figure 8) , one can estimate the duration of the shock [see, for instance, Xie et al. (2006) or Miyahara et al. (2010) ]. Typical inferred shock duration for chondrites spans the range from 100 ms to a few seconds. If one takes a typical impact velocity of 5-10 km s −1 , the typical order of magnitude of the impactor size ranges between a few hundreds of meters and 10 km (Beck et al. 2005) . Very often, the solid-state formation of ringwoodite and wadsleyite is observed in olivine grains entrained in SMVs. In some cases, the formation of ringwoodite can result from the fractional crystallization at high pressure of molten olivine (Miyahara et al. 2008) . The fate of an olivine crystal entrained in an SMV is shown in Figure 12 . The olivine crystal is transected by lamellae that can cross each other and can lead in some parts of the crystal to a complete transformation of olivine into wadsleyite and ringwoodite. The central parts of the lamellae are mainly composed of ringwoodite, whereas the rims on both sides are made of wadsleyite. The polymorphs also have different chemical compositions. Ringwoodite is richer in Fe than the host olivine. The Fe enrichment of ringwoodite decreases from the centers of the lamellae toward the rims. In contrast, wadsleyite is strongly depleted in Fe. Only a high-pressure melting of olivine along specific crystallographic planes followed by a high-pressure fractional crystallization of ringwoodite and wadsleyite can account for the observed crystallization textures perpendicular to the lamellae and Fractional crystallization from a melt can explain both the spatial arrangement of the various phases and their contrasting Fe content (Miyahara et al. 2008) . Abbreviations: Ol, olivine; Rw, ringwoodite; SMV, shear melt vein; Wd, wadsleyite.
for the variation in Fe content of the different phases (Miyahara et al. 2008) . Shock can also induce very high structural disorder in olivine that could lead to the formation of metastable polymorphs (Van de Moortele et al. 2007a,b) .
Trapping Planetary Gases: The Case of Martian Meteorites
We have explained why and how a shock wave encountering a void can lead to local temperature increase and melting. The melt may incorporate and preserve gases from these voids. The chemical signature of these gases has been important in understanding the history of meteorites such as shocked SNC meteorite EETA 79001. In this meteorite, the gas trapped in the glass and MPs was similar in composition to the Martian atmosphere as measured by the Viking Mars modules (Bogard & Johnson 1983) ; this has been the key argument for inferring the Martian origin of the SNC meteorites. Entrapment of atmospheric gases is made possible by the presence of local heterogeneities within the rocks and the passage of the shock wave. On Mars, prior to the shock, the basaltic rocks that became the SNC meteorites most likely had a porosity of a few percent, typical of volcanic rocks. The voids were connected to and thus filled with Martian atmosphere. The passage of a shock front in the porous zone induces both collapse and closure of the voids and cracks connected to the atmosphere, triggers local melting, and forces solubilization of the atmospheric gases in the melts and crystals formed in the MP. After the shock front has passed, pressure drops rapidly while the temperature decrease is controlled by thermal diffusivity. To retain the Martian atmospheric signature in the MPs, efficient temperature quench is required to limit the diffusion of the gas species within the melt and quenched glass. Simple calculations give a rapid quench that supports this history of the SNC meteorites. rocks and shocked meteorites. Diamonds were discovered in shocked rocks only as recently as 1972 by Masaitis et al. (1972) in demineralization residues from the Popigai impact site in Russia; they were later discovered in the Ries crater in Germany as well (Rost et al. 1978) . A long controversy followed over whether these diamonds were formed through a chemical vapor deposition mechanism in the vapor plume generated by the impact, or by the shock wave, through a solid-state transformation of preexisting graphite or C-rich phases. The latter scenario was confirmed by the observation of coexisting graphite and diamond crystals in thin sections in gneisses from the Ries crater (El Goresy et al. 2001c) , in which diamond crystals often mimic the hexagonal shape of the former graphite. The transformation of graphite into diamond is most often observed when the initial graphite crystals are in contact with highly incompressible minerals (e.g., garnets or TiO 2 -rutile). This observation emphasizes the role of shock reverberation at interfaces between compressible and less compressible minerals (see Figure 10 ) in locally increasing the temperature and thus the transformation kinetics.
Carbon: Diamonds and Ultrahard C Phases
New forms of C or interlayered diamond/graphite compounds with unusually high polishing hardness (Figure 13 ) have recently been discovered in shocked terrestrial rocks and meteorites (El Goresy et al. 2003 , Ferroir et al. 2010 . Ferroir et al. (2010) reported evidence for the natural existence of a new ultrahard rhombohedral carbon polymorph with a structure similar to diamond but with a partial occupancy of some of the carbon sites. They also reported the natural occurrence of the theoretically predicted 21R diamond polytype. These findings are of great interest for better understanding the world of carbon polymorphs and diamond polytypes because they offer new natural materials for investigating modes of formation. The discovery of these new C forms opens new avenues for research in the carbon system using either an experimental or a theoretical (Blase et al. 2004 , Li et al. 2009 ) approach.
Glass: Pressure-Induced Amorphization and Quenched Melts
Amorphous solids, or glasses, are produced in nature by either supercooling of liquids or pressurization of crystals. A liquid (melt) solidifies to a thermal glass when it is cooled-i.e., quenched-to below the melting point faster than it can diffuse, preventing crystallization. This quenching can occur either at high or low pressure. There is another, less common way to form an amorphous solid. Pressure-induced amorphization has been observed experimentally and naturally in many different crystalline materials, during either dynamic or static experiments. Initially discovered in ice (Mishima et al. 1984) , pressure-induced amorphization is a low-temperature process that leads to the formation of dense glasses through the cold static compression of crystalline solids (Richet & Gillet 1997) . It is the only way for a crystal to adapt its volume to high compression at temperatures at which diffusion is too slow to permit the crystallization of high-pressure minerals. The shock-induced glasses are called diaplectic glasses.
In shocked rocks, thermal glasses are usually free of defects and do not exhibit fractures and PDFs. Thermal glasses quenched at high pressures and those quenched at low pressures can be differentiated using simple textural observations (Chen & El Goresy 2000) , especially of radial cracks in the minerals surrounding the glasses. These cracks are generated by the expansion related to decompression of the dense glass that formed by shock-induced melting and quenching at high pressure (Figure 14) . The observation of decompression cracks, combined with other arguments, has been used to rule out the formation of glasses (often termed maskelynite) in Martian meteorites by a pressure-induced amorphization (El Goresy et al. 2013) .
Diaplectic glasses are formed experimentally in silicates in a few microseconds, the typical time duration of experimental shocks. For instance, quartz and feldspars transform into diaplectic glasses at shock pressures between 25 and 35 GPa. Similar dense glasses can also be formed by static cold compression at lower pressures within a similar pressure range (Richet & Gillet 1997 , Tomioka et al. 2010 .
Quartz and feldspars recovered from shock and static experiments show that, before reaching the pressure of complete amorphization, the samples are gradually invaded by PDFs. These PDFs correspond to thin amorphous lamellae that lie along specific crystallographic planes (Figure 14) and have the same chemical composition as the host crystal (Langenhorst & Deutsch 1994) . Kubo et al. (2010) recently showed that the amorphization pressure of plagioclase decreases with increasing temperature and that, when temperature is high enough, jadeite grows at the expense of amorphous plagioclase, followed by the nucleation of other minerals such as stishovite or garnet. Under equilibrium conditions, one would expect the formation of an assemblage containing not only jadeite but also stishovite and garnet. Such an observation again shed light on the important role kinetics plays in the formation of high-pressure mineral assemblages during shock events. The breakdown of plagioclase and the sequence of crystallization can thus constrain the (P,T,t) history of a shock event.
SUMMARY POINTS
1. The maximum pressure reached during a shock is controlled by the impact velocity and the nature of the material of both the impactor and the target.
2. The time duration of the shock is related, at the first order, to the size and the relative velocities of the impactor and target.
3. The temperature reached during a shock is heterogeneous. Bulk melting of a rock can be achieved only at very high pressure.
4. During propagation of a shock wave, local heterogeneities (such as pores or cracks) in rocks induce both pressure and temperature spikes that relax on different timescales: a few nanoseconds to microseconds for pressure, and a fraction of a second for temperature.
5. Shear melt veins and melt pockets that result from these temperature spikes and local strains are unique zones where the temperature is high enough to induce the formation of high-pressure minerals. These minerals constrain the shock pressure more reliably than does the classical scale based on the comparison of defect densities or changes in refractive indices.
6. Phase transformations observed in static laboratory experiments, and the corresponding phase diagrams and kinetics laws, can be used to estimate the time duration of a shock.
FUTURE ISSUES
1. Only a few of the known high-pressure phases have been discovered in terrestrial impacts, in stark contrast with the multitude of high-pressure phases identified in meteorites. A search for new high-pressure minerals in terrestrial impacts is warranted.
